Anorogenic plateau formation: The importance of density changes in the lithosphere by Duesterhoeft, Erik et al.
Anorogenic plateau formation: The importance of
density changes in the lithosphere
Erik Duesterhoeft, Romain Bousquet, Henry Wichura, Roland Oberha¨nsli
To cite this version:
Erik Duesterhoeft, Romain Bousquet, Henry Wichura, Roland Oberha¨nsli. Anorogenic
plateau formation: The importance of density changes in the lithosphere. Journal of
Geophysical Research : Solid Earth, American Geophysical Union, 2012, 117, pp.B07204.
<10.1029/2011JB009007>. <insu-00725599>
HAL Id: insu-00725599
https://hal-insu.archives-ouvertes.fr/insu-00725599
Submitted on 28 Feb 2013
HAL is a multi-disciplinary open access
archive for the deposit and dissemination of sci-
entific research documents, whether they are pub-
lished or not. The documents may come from
teaching and research institutions in France or
abroad, or from public or private research centers.
L’archive ouverte pluridisciplinaire HAL, est
destine´e au de´poˆt et a` la diffusion de documents
scientifiques de niveau recherche, publie´s ou non,
e´manant des e´tablissements d’enseignement et de
recherche franc¸ais ou e´trangers, des laboratoires
publics ou prive´s.
Anorogenic plateau formation: The importance of density changes
in the lithosphere
Erik Duesterhoeft,1 Romain Bousquet,1,2 Henry Wichura,1 and Roland Oberhänsli1
Received 8 November 2011; revised 24 May 2012; accepted 26 May 2012; published 17 July 2012.
[1] Away from active plate boundaries the relationships between spatiotemporal variations
in density and geothermal gradient are important for understanding the evolution of
topography in continental interiors. In this context the classic concept of the continental
lithosphere as comprising three static layers of different densities (upper crust, lower crust,
and upper mantle) is not adequate to assess long-term changes in topography and relief
in regions associated with pronounced thermal anomalies in the mantle. We have therefore
developed a one-dimensional model, which is based on thermodynamic equilibrium
assemblage computations and deliberately excludes the effects of melting processes like
intrusion or extrusions. Our model calculates the “metamorphic density” of rocks as a
function of pressure, temperature, and chemical composition. It not only provides a useful
tool for quantifying the influence of petrologic characteristics on density, but also allows
the modeled “metamorphic” density to be adjusted to variable geothermal gradients and
applied to different geodynamic environments. We have used this model to simulate a
scenario in which the lithosphere-asthenosphere boundary is subjected to continuous
heating over a long period of time (130 Ma), and demonstrate how an anorogenic plateau
with an elevation of 1400 m can be formed solely as a result of heat transfer within
the continental lithosphere. Our results show that, beside dynamic topography
(of asthenospheric origin), density changes within the lithosphere have an important
impact on the evolution of anorogenic plateaus.
Citation: Duesterhoeft, E., R. Bousquet, H. Wichura, and R. Oberhänsli (2012), Anorogenic plateau formation: The importance
of density changes in the lithosphere, J. Geophys. Res., 117, B07204, doi:10.1029/2011JB009007.
1. Introduction
[2] Cenozoic plateaus, high-elevation, low-relief regions of
great areal extent, occur in a variety of geodynamic environ-
ments and present first-order topographic features that exert
an important influence on atmospheric circulation patterns,
the distribution of rainfall, erosion, sediment transport, depo-
sitional processes, and sediment storage [Molnar et al., 1993;
Allmendinger et al., 1997; Strecker et al., 2007]. Plateau
regions often record changes in fault activity through time,
where shortening is superseded by extension, often accompa-
nied by changes in magmatic character [Montero Lopez et al.,
2010]. In addition, with elevations ranging between approx-
imately 1500 and 5000 m, plateaus impact biodiversity.
Many recent studies highlight the effect of plateau uplift on
climate and precipitation patterns [e.g., Molnar et al., 1993;
Hay et al., 2002; Sepulchre et al., 2006], while other inves-
tigations have focused on the possible underlying plateau-
building mechanisms [e.g., McKenzie, 1984; Le Pichon
et al., 1997; Henry et al., 1997; Allmendinger et al., 1997;
Hetényi et al., 2007]. Despite many unifying characteristics
of plateaus in different geodynamic settings, two plateau end-
member types can be distinguished: (1) high-elevation
plateaus, which are related to orogenic processes in colli-
sional or non-collisional geodynamic settings (e.g., Tibet,
Altiplano-Puna, Central and Eastern Anatolia/Iran), and
(2) lower, anorogenic plateaus typically reaching elevations
of approximately 1500 m (e.g., South Africa, East Africa,
Mongolia), inferred to be closely linked to mantle plumes
away from plate boundaries [Hartnady, 1985; Ebinger and
Sleep, 1998; Burke and Gunnel, 2008].
[3] In this study we address the issue of anorogenic plateau
formation. How thermal and dynamic processes associated
with mantle plumes result in plateaus and long-wavelength
topography has, as yet, not been unambiguously estab-
lished. This is at least partly because the viscosity structure
of the asthenosphere remains largely unknown, particularly
beneath East Africa [e.g., White and McKenzie, 1989;
Prodehl et al., 1994; Huerta et al., 2009] and South Africa
[e.g., Lithgow-Bertelloni and Silver, 1998; Gurnis et al.,
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2000]. Despite these problems, present-day topographic
variations in anorogenic plateau realms (mostly associated
with mantle plume and/or rifting) are generally explained by
three different geodynamic models: (1) syn-rift shoulder
uplift resulting from denudation [e.g., Braun and Beaumont,
1989; Weissel and Karner, 1989] (Figure 1a); (2) the
development of dynamic topography resulting from the
mantle-plume impingement on continental lithosphere and
convection processes in the asthenosphere [Ebinger et al.,
1989] (Figure 1b); and (3) delamination of mantle litho-
sphere and ensuing isostatic uplift [Wallner and Schmeling,
2010] (Figure 1c). However, all these models do not
include the effect of lithospheric thermal expansion [Wichura
et al., 2011] (Figure 1d) that could be added as a fourth model
or process.
[4] In the first model, which involves an active rifting
scenario, a wide and extensional basin acts as a negative load,
which causes the lithosphere to rise. Both, denudation
and the subsequent elastic response ultimately lead to rift-
shoulder uplift (Figure 1a). Second, the impingement model
involves hot buoyant mantle material, which forms a plume
that is less dense than the surrounding continental lithosphere
and therefore rises through it. The continental lithosphere is
thinned and heated by the plume head, and the combined
effect of thinned lithosphere and less dense material within
the plume results in crustal uplift (Figure 1b). The third
(delamination) model involves detachment of the relatively
cool and dense lower lithosphere from the upper lithosphere
and its replacement by hotter, less dense asthenosphere. The
removal of cool lithosphere results in isostatic rebound
(Figure 1c). Alternatively, this paper investigates the effect of
lithospheric thermal expansion as proposed byWichura et al.
[2011]. In contrast to the first three models, lithospheric
thermal expansion is not necessarily rift-related and occurs
long before onset of rifting (Figure 1d). Importantly, all
these geodynamic models are based on disturbance of the
lithospheric layering through time and thus require a good
understanding of the density distribution within the conti-
nental lithosphere in order to derive geodynamic models for
anorogenic plateau formation. However, it is not well known,
how and to what degree the four geodynamic models
may interact. We hypothesize that heating processes at the
Figure 1. Review of models for anorogenic plateau formation proposed in published literature. Here,
the first three models are rift-related: (a) in the shoulder uplift model [Braun and Beaumont, 1989] the
plateau formation is a mechanical response to extension within the lithosphere, while (b) mantle impinge-
ment results from mechanical uplift of the lithosphere by a mantle plume push [Ebinger et al., 1989], and
(c) delamination of the lithospheric mantle is induced by two merging rift tips [Wallner and Schmeling,
2010] and is synchronous with the rifting processes (pink area illustrates area of temperature anomalies
and upwelling asthenospheric material). Finally, (d) the last model assumes plateau formation due to ther-
mal expansion as a response to a temperature change at the lithosphere-asthenosphere boundary (LAB)
[Wichura et al., 2011].
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lithosphere-asthenosphere boundary (LAB) [see Fischer et
al., 2010] caused by a mantle plume is a key process that
drives uplift and the generation of long-wavelength topog-
raphy. Based on this hypothesis and assuming a stable LAB,
we compute the density distribution along a one-dimensional
depth-profile (using two different methods of calculation -
with and without mineral reactions) as a function of volume,
temperature, and pressure. Furthermore, in order to better
understand the temporal characteristics of mantle-plume heat
transfer and its topographic response, we calculate the time
span required to generate significant topographic uplift.
2. Methodology
[5] In order to address the question of how the density of
the continental lithosphere changes if the lithosphere-
asthenosphere boundary is heated, we consider a three-
layered continental lithosphere comprising the upper crust,
lower crust, and lithospheric mantle (as many studies
assumed) [e.g., Unglert et al., 2011] and a stable LAB
(resistant to alteration, thinning and thickening of the litho-
sphere). We assume constant thicknesses of 150 km for
the lithosphere [Artemieva, 2006] and 35 km for the crust
[Christensen and Mooney, 1995], which are typical for Eur-
ope and East Africa [Mooney et al., 1998]. Both, the upper
and lower crust are taken to be 17.5 km thick [e.g., Rudnick
and Fountain, 1995]. These thicknesses are assumed to be
constant over the entire calculation; volume changes or
stretching processes are thus not taken into account. The
chemical compositions chosen for a water-saturated felsic
upper crust are from Taylor and McLennan [1985], those
for a water-saturated mafic lower crust from Rudnick and
Fountain [1995], and a dry lherzolite composition for the
lithospheric mantle from Brown and Musset [1993],
corresponding to the phase diagram of Schmidt and Poli
[1998]. A dry lithospheric mantle beneath cratonic regions
is inferred from xenoliths of early stage volcanic activities
(e.g., African cratons) [Lee and Rudnick, 1999;Chesley et al.,
1999; Ayalew et al., 2009; Katayama and Korenaga, 2011].
[6] Accordingly, we calculate a geotherm with the one-
dimensional (vertical) heat equation
∂T
∂t
¼ k ∂
2T
∂z2
þ A0
rcp
ð1Þ
where T is temperature, t is time, and z is depth. The coef-
ficient k = k/(r*cp) is called the thermal diffusivity and is
taken to be constant over the entire range of the model (k =
1*106 m2/s). Furthermore, cp is the specific heat capacity,
k is the conductivity, r is the density, and A0 is the heat
production per unit volume of the medium. A0 and k are
taken to be constant throughout each of the three layers,
respectively. Using the finite difference method, the thermal
equation is stable if the Fourier Modulus (Fo) is equal to
k*(n/m2) ≤ 0.5 (where m is the length scale of interest and
n is the characteristic timescale). The surface temperature is
taken to be 0C and the temperature at the LAB is chosen
as the lower boundary condition. The initial reference
temperature at the LAB is 1350C [Jaupart et al., 1998;
Jaupart and Mareschal, 2011]. In order to model the
increase in temperature due to a rising plume we raise
the basal temperature at the LAB to 1600C and 1800C
[Farnetani, 1997; Thompson and Gibson, 2000]. The
resultant geotherms are shown in Figure 2a.
[7] Density determination requires the corresponding
lithostatic pressure Plith, which is calculated iteratively using
the equation
Plith ¼ r⋅g⋅hþ P0 ð2Þ
where r is the density, g is acceleration of gravity, h is layer
thickness and P0 is surface pressure. In order to understand
the effects of temperature change and heat propagation
within the continental lithosphere and their feedback with
surface uplift, we test two different approaches to modeling
density and topographic changes.
[8] In the first approach we calculate a (here called)
“physical density” by applying the method commonly used
in the literature [e.g., Turcotte and Schubert, 2002; Pascal,
2006], in which density changes with temperature and
pressure and follows the equation
dr ¼ rb dP  radT ð3Þ
where a is the coefficient of thermal expansion, b is the
isothermal compressibility; r is the initial density; dT is
the temperature change, dP is the pressure change, and dr
is the change in density for each step (every 500 m). Each
layer is thus treated as a homogeneous body in which the
physical properties (a, b) remain constant with depth and
time (see also supplementary material: Table A1).
[9] In the second approach we determine the density by
taking into account the mineralogical changes that occur
with changes in temperature and/or pressure [Richardson
and England, 1979]. We therefore calculate a (here called)
“metamorphic density” as a function of temperature, pres-
sure, and chemical composition [Bousquet et al., 1997] and
model the changes in “metamorphic density” and physical
properties using the principle of minimized (“apparent”)
Gibbs free energy DaG [de Capitani and Brown, 1987]
according to
DaG ¼ Df H0 þ
ZT
T0
cp dT  T  S0  T 
ZT
T0
cp
T
dT þ
ZP
P0
V dP
ð4Þ
whereDfH
0 is enthalpy of formation, S0 is the molar entropy,
V is the molar volume, T0 and P0 is surface temperature and
pressure. With increasing depth, temperature and pressure
will also increase. For the “metamorphic density” calcula-
tions we used the Theriak/Domino software [de Capitani and
Petrakakis, 2010], applying an updated thermodynamic
database from Berman [1988] (JUN92.bs [see de Capitani
and Petrakakis, 2010]). In addition to computing the stable
assemblages at a specific temperature and pressure, the
Theriak/Domino software also computes a variety of chem-
ical and physical properties for these assemblages, such as
the total solid phase density [Bousquet et al., 2005]. Fur-
thermore, it is important to note that we do not consider the
effects of melt production, storage, and extrusion since
present databases are still lacking well-constrained thermo-
dynamic data for melts.
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[10] First-order “metamorphic density” changes, for
example for mantle rocks (Figure 2b), are controlled by
mineralogical changes (e.g., the appearance of garnet), and
second-order “metamorphic density” changes by physical
(a, b) and chemical (molar ratio of minerals) processes.
First-order processes result in abrupt changes of “metamor-
phic density” (jumps), while second-order processes affect
the slope of the “metamorphic density” isolines in the PT-
field (Figure 2b).
3. Steady State Model
[11] Before we discuss the effects of time variations, a
steady state model is considered. The “physical” and
“metamorphic density” paths were computed to obtain an
overview of similarities and differences in the density-depth
profiles (Figure 3). Using such a steady state model the
temperature at the LAB does not have much effect on the
“physical density” of the continental crust and only a limited
influence on that of the continental lithospheric mantle.
Moreover, the “physical density” remains approximately
constant within each layer (Figure 3a). In contrast, the tem-
perature at the LAB has a major influence on the distribution
of mineral assemblages and the “metamorphic density”
clearly varies within each layer (Figure 3c). Thus the classic
three-layer composition model corresponds to a three-layer
density profile when considering the “physical density”
(Figure 3a). In contrast, the modeling of “metamorphic den-
sity” reveals up to six density steps (Figure 3c), so that a
three-layer density model is no longer representative of the
density distribution in the crust and lithosphere, because
chemical reactions influence both, the stability of the mineral
assemblages and the rock densities.
3.1. Lithospheric Mantle
[12] The “physical density” is mainly controlled by the
ratio of pressure to temperature. For this reason a decrease in
density reflects an increase of the plume temperature
(Figure 3a). If the temperature only changes by about +250C
at the LAB, only small pressure variations are visible. This
results in a negative dr (see equation (3)). This effect is more
clearly visible in the “metamorphic density” distribution
(Figure 3c) because the superposition of “physical density”
changes for particular minerals within a rock results in more
marked density changes than considering only the bulk rock
parameters.
[13] Dry mantle is usually composed of olivine (Ol),
clino- (Cpx) and orthopyroxene (Opx), and an aluminum-
bearing phase (plagioclase (Fsp), spinel (Spin), garnet (Gt),
or corundum (Cr)). Reactions that replace the aluminum-
bearing phase (e.g., spinel to garnet) are accompanied by a
shift in density (Figure 2b). Along all three geotherms the
upper part of the mantle contains a small amount of corun-
dum (<3% of the total volume) representing the aluminum-
bearing phase [Morishita et al., 2007; Hattori et al., 2010].
For temperatures at the LAB of 1350C and 1600C the
marked density increase at a pressure of 1.5 GPa is due to
the corundum-garnet transition (Figure 2b). This may sound
counter intuitive because corundum has a higher density
(3.9 g/cm3) than garnet (3.7 g/cm3). However, garnet
absorbs additional magnesium from pyroxene (e.g., 2 Cr + 3
Opx = 2 Gt) and, as a result, the amount of pyroxene
decreases significantly, while the relative proportion of gar-
net increases. The rock consequently contains much more
garnet (Mg3Al2Si3O12) than the initial amount of corundum
(Al2O3). On the other hand, the geotherm assuming a plume
temperature of 1800C cuts across the spinel stability field
(Figure 2b). Spinel (MgAl2O4) has a lower density than
corundum and absorbs only one third as much magnesium
as is absorbed by garnet. A decrease in density at the
corundum-spinel transition (e.g., 2 Cr + 2 Ol = 2 Spin + 1
Opx) and an increase in density at the spinel-garnet transition
(e.g., 1 Spin + 2 Opx = 1 Gt + 1 Ol) can therefore be recog-
nized at pressures of 1.5 GPa. Therefore the stability of
aluminum-bearing mineral phases in the lithospheric mantle
has a major influence on the density distribution.
3.2. Lower Crust
[14] In cratonic shield areas temperatures within the lower
crust are relatively cool. The Moho temperature ranges
between 400C (temperature at the LAB = 1350C) and
550C (plume temperature at the LAB = 1800C), whereas
temperatures at the lower-upper crust transition range
between 250C and 350C (Figure 2a). Low geotherms,
which are similar to those used in our model with a temper-
ature at the LAB of 1350C, allow the stability of water-
bearing minerals such as lawsonite.
[15] The “physical density” shows a gradual but continu-
ous increase with depth (Figure 3a), whereas the “metamor-
phic density” records a significant jump (+0.05 g/cm3) at a
depth of 25 km for a temperature at the LAB of 1350C,
at 20 km for 1600C, and at 18 km for 1800C (Figure 3c).
This increase reflects a marked change in the quantity of
water-bearing minerals (such as lawsonite, which is stable in
the lower crust due to the low temperature conditions
[Pognante, 1989]) and feldspar. It is, however, important to
note that lawsonite and feldspar do not disappear completely.
For example, during the reaction in which free fluid is
released and feldspar disappears, the amount of lawsonite is
reduced from 15% to 1%, resulting in a density change of
+0.05 g/cm3. Increasing the temperature at the LAB means
that this reaction takes place at a shallower depth (Figure 3c)
due to the fact that the lower crust is already warm and con-
sists mostly of water-free minerals. Where the crust is
warmer or thicker, with a Moho temperature of about 600C,
the appearance of denser minerals such as garnet (3.7 g/cm3)
will result in considerable changes in rock density (see also
supplementary material: Figure A1).
3.3. Upper Crust
[16] Temperatures in the upper crust of cratonic shield
areas are generally low, ranging from 250 or 350C down to
0C at the surface, implying the stability of large quantities of
water- or OH-rich minerals (e.g., zeolites, micas, chlorites).
Our calculations reveal that, where the temperatures at the
LAB are high the “physical density” slightly decreases with
depth (Figure 3a). In this case the density is strongly con-
trolled by thermal expansion parameters (see equation (3)). In
contrast, the “metamorphic density,” in which phase transi-
tions are taken into account, increases with depth within the
upper crust (Figure 3c). Two factors are responsible for the
“metamorphic density” distribution in the upper crust: first,
the phase transitions, and second, thermal expansion within a
constant mineral assemblage (as in the “physical density”
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model) and the molar ratios of different mineral phases
(Figure 3c). Changes in the mineral assemblage can produce
a density increase in excess of 0.1 g/cm3. The main density
jump results from the zeolite (or illite) transition [e.g., Vidal
and Dubacq, 2009], followed by a second jump (resulting
from transition with lawsonite and/or epidote assemblages)
for high temperatures. Both transitions are dehydration tran-
sitions that have a critical effect on rock density. The
appearance of large quantities of minerals such as lawsonite
or epidote increases the rock density due to their high mineral
density (3.1 g/cm3). A similar effect can be observed if light,
OH-bearing minerals are changed into heavier, water-free
minerals. Such transitions are not dependent on the geother-
mal gradient because most dehydration transitions are iso-
thermal and temperature increase will result in rocks of
higher density (see also supplementary material: Figure A2).
3.4. Summary
[17] Steady state calculations clearly provide some inter-
esting results. Increasing the temperature at the LAB leads to
a decrease in the density of the lithospheric mantle and to an
increase in the crustal density. However, because of the
difference in thickness between the crust and the lithospheric
mantle changes within the mantle will largely control the
isostatic response to any temperature change at the LAB.
Moreover, these important changes in density over a 150 km
thick continental lithosphere must result in isostatic uplift
(Figures 3b and 3d). In order to estimate the amount of uplift
that would result from heating at the LAB we used a LAB
temperature of 1350C as our reference temperature and set
the initial surface elevation to zero. The change in elevation
(using a standard Airy-type calculation) was found to be not
only dependent on the temperature increase, but also on the
model that was used to estimate the different types of density
(physical and metamorphic). Thus raising the temperature at
the LAB to 1600C and 1800C would induce uplift and
result in plateau elevations of 600 and 1050 m respectively
using the “physical density” model (Figure 3b), or 780 and
1400 m using the “metamorphic density” model (Figure 3d).
The isostatic response is more striking using a standard
Pratt-type calculation, resulting in a slightly higher uplift by
a maximum difference of 30 m. The difference between the
Airy- and Pratt-type calculation is small relative to the total
uplift.
4. Time Dependent Density Model
[18] Our calculations have provided a possible explanation
for the formation of anorogenic plateaus in situations where
the lithosphere is in full thermal equilibrium. The concept of
topographic evolution over time as the result of a rising
mantle plume heating the LAB is fundamental to under-
standing sedimentary records and thermochronology data.
We therefore investigate both the density (Figures 4a and
4b) and topographic evolution (Figures 4c and 4d) over time
by assuming a constant heat source that increased the initial
temperature at LAB of 1350C stepwise to 1600C, 1800C,
and 2000C. Due to the diffusive nature of heat transport, a
long period of time (500 Ma) is required to achieve the
steady thermal state required for thermal and topographic
equilibration. In this respect, each individual time step
demonstrates how heat from below affects the lithosphere.
The mantle is first heated to extreme temperatures and the
density decreases rapidly. In a later but less effective stage,
the crust is also affected by heating and density variations.
[19] Isostatic response that is expressed by plateau building
and results from density changes at depth, strongly depends
on the used type of density calculations used (physical versus
metamorphic) and the temperature at the LAB. If we assume
the initial topography to be zero and the plume temperature at
the LAB to be 1800C, using “metamorphic density” calcu-
lations suggests an uplift of approximately 1400 m attained
after 500 Ma (Figure 4d). This is in contrast to an uplift
of only 1050 m if “physical density” variations are used
(Figure 4c). In addition, whereas the time required to reach
50% of the final uplift (29 to 36Ma for the “physical density”
model and 25 to 29 Ma for the “metamorphic density”
model) or 75% of the uplift (76 to 88 Ma for the “physical
density” model, and 62 to 75 Ma for the “metamorphic
density” model) of the final topography is consistent, the
time required to reach 90% of the final topography is highly
dependent on the plume temperature in the “metamorphic
density” model (Figure 4d). Steady state calculations show
that the uplift is mainly controlled by density changes in the
lithospheric mantle, while the time-dependent calculations
reveal that although the mantle contribution is important
for the early development of topography, the response of
the crust (due to increasing of “metamorphic density”) to
increasing temperatures can delay the final topographic
evolution.
[20] For example to build-up an anorogenic plateau of
about 1400 m height, similar to the East African Plateau or
the South African Plateau, the “physical density” model
would require unrealistic temperatures at the LAB of about
2000C. Such temperatures are unlikely since the tempera-
tures of plume heads are thought to be generally below or
about 1800C [Farnetani, 1997; Thompson and Gibson,
2000]. Assuming a temperature range up to 1800C, the
“metamorphic density” model is in good agreement with the
elevation of anorogenic plateaus.
5. Discussion and Conclusion
[21] Although our model is a first-order attempt to assess
density changes in the topographic evolution of anorogenic
plateaus, the results are very instructive and suggest consid-
erable primary synthermal uplift as a viable mechanism for
anorogenic plateau formation. The calculated time required
Figure 3. Calculated steady state density profiles along an average PT-path for the continental lithosphere (see Figure 2a).
LAB is the lithosphere-asthenosphere boundary at 150 km depth. (a) Physical density calculated as function of pressure,
temperature, initial density, and constant thermal expansion and compressibility for each layer. (b) Isostatic response to each
calculated physical density-depth profile. (c) Metamorphic density calculated as function of pressure, temperature, and com-
position. Dashed lines display important mineral reactions. Abbreviations: Gt - garnet, H2O - water, Zeo - zeolites. (d) Isostatic
response to each calculated metamorphic density-depth profile. The topographic elevations resulting from metamorphic
density calculations are higher than those derived from physical density calculations for the same temperature at LAB.
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for plateau formation suggests that plumes would need to
remain at the LAB for at least 130 to 150Ma to cause a quasi-
wholesale uplift (90%). The uplift process can be divided
into three distinct phases (see Figure 4d): (1) an initial phase
lasting about 30 Ma, during which the plateau is uplifted to
approximately half of its final elevation (750 m); (2) a
second phase when an additional 40% of the final uplift is
reached, lasting 100 to 120 Ma; and (3) a final phase with
moderate uplift that might last from 120 to 300 Ma.
[22] Several studies investigating the uplift history of the
South and East African plateaus [e.g., Smith, 1994; Spiegel
et al., 2007] concluded that there was dynamic topography
on the order of 500 m during the Cenozoic, caused by con-
vection processes in the mantle [e.g., Ebinger et al., 1989;
Nyblade and Robinson, 1994; Lithgow-Bertelloni and Silver,
1998; Behn et al., 2004; Moucha and Forte, 2011]. In this
context, Ebinger et al. [1989] postulated that uplift associ-
ated with dynamic topography in East Africa cannot explain
the entire topographic history of this region. Alternatively,
they suggest an additional effect of density variations caused
by conductive heat transfer from a mantle plume through the
lithosphere. Based on this study, our investigation highlights
the importance and the necessary time scales of such litho-
sphere-plume interactions, thus bridging the gap in knowl-
edge concerning the heat-density relation [Moore et al.,
1999; Gueydan et al., 2008] and providing a possibility to
apply our model to East African pre-rift topography.
[23] The domal topography of East Africa encompasses a
region with an average elevation of 1500 m. However, the
timing of plateau uplift (Mesozoic or Cenozoic), the loca-
tion and spatial extent (e.g., beneath Ethiopia or Kenya/
Tanzania), as well as the number of upper mantle upwellings
(one, two or even more), is still subject for ongoing discus-
sion [see Fishwick and Bastow, 2011]. In this context, many
studies [e.g., Ebinger and Sleep, 1998; Lithgow-Bertelloni
and Silver, 1998; Behn et al., 2004; Koehn et al., 2008]
proposed that a thermally uplifted craton is probably realistic
and would add to the complexity of the surrounding East
African rift system. Nyblade et al. [2000] suggest a mantle
plume below the Tanzania Craton at ca. 150 km depth is
Figure A1. Density isoline plot calculated for a water-saturated lower crust composition from Rudnick
and Fountain [1995] by using Domino software [de Capitani and Petrakakis, 2010]. Note first order den-
sity jumps at the free fluid-in reaction line (dark blue line labeled with H2O) and the garnet-in reaction line
(red line). We simplified the figure, only showing significant mineral-in reactions (colored lines with
arrows), influencing the predicted density distribution of the lower crust, because showing mineral assem-
blages and all reactions render the figure too complex. Mineral abbreviations: Amph – amphibole, Chl –
chlorite, Cpx – clinopyroxene, Qz – quartz.
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interacting with the lithosphere. The lithosphere beneath
the Tanzanian craton appears to be resistant to alteration
throughout time [Weeraratne et al., 2003]. According to
Morgan [1983] and Nyblade and Robinson [1994] a hot spot
was emplaced beneath the African Superswell (1. East
African Plateau, 2. South African Plateau, 3. Southeastern
Atlantic Ocean Basin) at approximately 130 Ma and has
persisted into the Cenozoic. Using our model, topography
of 1200 m can be accomplished in this time interval, almost
reaching the present-day elevation. In contrast, other studies
suggest that pre-rift topography started to develop around
35 Ma ago coupled with the onset of volcanism in the
northern Kenya Rift [McDougall and Brown, 2009]. This
hypothesis of a Cenozoic East African Dome is supported
by pronounced sediment influx in the Zambezi Delta
[Walford et al., 2005] and vestiges of the basement-cut
erosion surface across the region of the Serengeti Plains
(Tanzania), which point to a pre-rift elevation of 1500 m
[Burke and Gunnel, 2008]. Also, Smith [1994] suggests a
limited crustal uplift (<1000 m) during the Paleogene and
prior to the initiation of volcanism in the central Kenya Rift,
based on the investigations on palaeo-drainage reconstruc-
tions by King et al. [1972] and King [1978]. Moreover,
Wichura et al. [2010b] investigated the phonolitic Yatta
lava flow (13.5 Ma) on the eastern margin of the East African
Plateau [Lippard, 1973] and showed that this lava flow must
have originated on a plateau with a maximum elevation of
1400 m, prior to the onset of rifting at 11 Ma, which then
proceeded with the formation of three large half graben
basins [Strecker et al., 1990]. As increased sediment pro-
duction may have corresponded to periods of rapid uplift
[Walford et al., 2005], our model predicts an uplift of
700 m in a period between 35 Ma and 13.5 Ma (elevation
over the first 21.5 Ma in Figure 4d). Adding dynamic
topography of 500 m during the period between 30 Ma and
15 Ma as predicted by the model by Moucha and Forte
Figure A2. Density isoline plot calculated for a water-saturated upper crust composition from Taylor and
McLennan [1985] by using Domino software [de Capitani and Petrakakis, 2010]. Note that below 200C
thermodynamic data are not well constrained. However, the density values here seem to be reasonable.
The figure clearly shows the onset of metamorphism versus “diagenesis” between 180 and 220C. We
simplified the figure, only showing significant mineral-in reactions (colored lines with arrows), influenc-
ing the predicted density distribution of the upper crust, because showing mineral assemblages and all
reactions render the figure too complex. Mineral abbreviations: Amph – amphibole, Cpx – clinopyroxene,
Ep – epidote, Fsp – feldspar, Lmt – laumontite, Lw – lawsonite, Pmp – pumpellyite, Qz – quartz, Stb –
stilbite.
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[2011] to our elevation estimates, would result in a pre-rift
topography of 1200 m. However, we obtain the same eleva-
tion by calculating over a longer time interval of 130 Ma
without adding dynamic topography effects. Taken together,
these calculations match well with the observations of Smith
[1994], Burke and Gunnel [2008], and Wichura et al.
[2010a], and may help to explain pre-rift topography,
related to heat from a mantle plume, with dynamic topogra-
phy being sufficiently high to account for an uplift of 1400 m
prior to rifting [Wichura et al., 2011].
[24] Similar model settings, but poorly constrained pre-
volcanism uplift histories, are envisaged for the area of the
Yellowstone hot spot, including the Columbia River Basalt
Plateau and the Snake River Plain in the western U.S. This
region constitutes an average elevation of 1500 to 2000 m.
Here, related sediment records in the Gulf of Mexico suggest
that uplift started around 23.5 Ma in Wyoming [Galloway
et al., 2000], before the initiation of Yellowstone plume
volcanism at 17.5 Ma [Suppe et al., 1975]. Hill et al. [1992]
connected the time interval of 6 Ma between those events
to the rise of a plume head. Assuming conductive heat
transfer through the lithosphere caused by a mantle plume as
presented in our model, would lead to an uplift of up to 350 m
during a period of 6 Ma. We suggest that this is a viable
amount of uplift in addition to uplift by mantle dynamics and
warming based on removal of the shallow Farallon slab
[Humphreys, 1995; Roy et al., 2009], sufficient for produc-
tion of the sediment record in the Gulf of Mexico [Galloway
et al., 2000].
[25] Our model is also applicable to other plume-related
plateaus (e.g., Mongolian Plateau) if model parameters are
adjusted to the characteristics of regional settings (e.g.,
lithospheric thickness and heat production rate). Although
the reliability of the different thermodynamic databases may
be problematic in some cases, their application shows that
the presence or absence of certain minerals has an important
influence on rock density. Assuming temperatures greater
than 1350C can result in melting or changes in rheology of
the lithosphere (not considered in this study). Davis and
England [1964] showed that forsterite melting occurs at
T = 4.77*P(=50 kbar) + 2171 K = 2136C, temperatures
unrealistically high for the LAB. The maximum temperature
assumed in our model does not exceed 1800C.
[26] Therefore, our model is a step forward in under-
standing plateau formation processes in geodynamic set-
tings outside of orogens. Our model underscores how the
density of the lithosphere varies with depth and it reveals
how the combination of chemical composition of rocks,
mineralogy, and geothermal gradient all have a significant
effect on the density distribution within lithosphere and
crust, and ultimately the evolution of anorogenic plateaus. It
is an advantage of our method that we perform forward
modeling to display the evolution of progressive elevation
changes, without the temporal limitation of backward
modeled dynamic topography (e.g., the 30 Ma limit of
Moucha and Forte [2011]). Finally, our approach shows
that the topographic evolution of anorogenic plateaus can
only be assessed reliably if metamorphic processes are taken
into account. Indeed, density-change models that ignore
metamorphic processes will result in a reduced amount of
uplift or may require inadequate/unrealistic temperatures (e.g.,
2000C) to explain uplift scenarios.
Appendix A
[27] This appendix contains more information on rock
density (Figures A1, A2, and Table A1).
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